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Abstract The oceanic nitrogen cycle consists of a web of microbially mediated trans-
formations driven in part by the large range in possible nitrogen oxidation states. Many
of these transformations have corresponding isotope fractionation effects, usually leav-
ing the product depleted in 15N (δ15N). Due to the complexity of the nitrogen cycle,
observed patterns of isotopic ratio could be expected to defy explanation. However in re-
ality, a few geographically separated processes dominate the larger spatial and temporal
scales in the open ocean. These are (1) NO3

– assimilation by phytoplankton, (2) N2 fix-
ation, and (3) denitrification. The latter two have particular importance as the principal
source and sink, respectively, of combined nitrogen to the ocean. As such, they together
control the oceanic inventory for combined nitrogen which in turn is a factor controlling
marine plant production and organic matter flux from the surface to the ocean’s interior.
Taking into account the effective isotopic fractionation effects for N2 fixation and deni-
trification, the modern average δ15N for the ocean is a potentially important constraint
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on the modern marine nitrogen budget. Past variation in these processes can be recon-
structed on time scales from decades to millions of years from sediment cores with good
preservation of organic matter. In particular, temporally well resolved δ15N records show
large variations in the three major water column denitrification regions in response to cli-
mate variations. Collectively, these variations in denitrification likely produced significant
changes in the oceanic combined nitrogen inventory which appears to be confirmed by
global-scale changes in δ15N across the last deglaciation.

Keywords Nitrogen biogeochemistry · Denitrification · N2 fixation · Stable isotope ·
Paleo-record

Abbreviations
‰ per mil
δ “delta” convention for expressing natural variation in isotopic ratio
δ15NO3

– δ15N of NO3
–

ε isotope fractionation factor
bp before present
ACE Antarctic climate event
DIN dissolved inorganic nitrogen
D-O Dansgaard–Oeschger event
ETNP Eastern Tropical North Pacific
ETSP Eastern Tropical South Pacific
f fraction of remaining substrate
HNLC high nutrient, low chlorophyll
kyr kilo-year (103)
ka kilo-annum (103)
MIS marine isotope stage
Myr mega-year (106)
N ′ or N∗ NO3

– concentration anomaly
OM organic matter
OMZ oxygen minimum zone
POM particulate organic matter
SOM sedimentary organic matter
Tg Teragram (1012)

1
Overview

Nitrogen is a major component of biomass and the organic matter (OM)
derived from it. Throughout much of the ocean, the availability of usable ni-
trogen is a dominant control of autotrophic production and OM fluxes. This
control has ramifications for global biogeochemistry, in general, including in-
fluence on the oceanic C cycle and its forcing of atmospheric CO2. Marine
N biogeochemistry itself has a number of microbially mediated components
which in combination regulate the combined N content of the ocean. In this
Chapter, I will review these components and their N isotope fractionation ef-
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fects. The use of the N isotope ratio as a natural tracer for marine N cycle
processes then will be discussed, concluding with applications from the sedi-
ment record for past changes in relation to climate changes.

For convenience, the small but robust natural variations in 15N : 14N ratio
are typically reported using the “delta” notation employed for other stable
isotope systems:

δ15N(‰) =(15N : 14Nsample – 15N : 14Nstandard) (1)

/15N : 14Nstandard ×1000

The accepted standard is atmospheric N2 which by definition has a δ15N of
0‰. In the oceans, combined N in its various forms can range between – 10
and + 15‰ with few examples of more extreme values. External analytical
precision of environmental materials using modern techniques and instru-
mentation can be as good as ±0.1‰. The potential for N transformation
processes to alter isotopic ratios is measured by the isotopic fractionation
factor. Current literature typically refers to ε values which can be defined as:

ε(‰) = δ15Nsubstrate – δ15Nproduct or δ15Nproduct = δ15Nsubstrate – ε (2)

where there is no significant depletion of the substrate. Typically, ε values are
between 0‰ (no isotope fractionation) and 40‰ for microbially mediated N
transformation processes. That is, the product will usually have a lower δ15N
value than the substrate.

In a closed system with depletion of substrate and matching accumulation
of product over time, the Rayleigh equations describe the change in isotope
ratio as a function of the fraction of remaining substrate (f):

δ15Nsubstrate (f) = δ15Nsubstrate (f = 1) – ε× ln[f] (3)

δ15Nproduct (f) = δ15Nsubstrate (f = 1) + ε× f/[1 – f]× ln[f] (4)

Modified Rayleigh equations are more appropriate to an open system akin to
a chemostat with continual replenishment of substrate matched by removal of
product:

δ15Nsubstrate (f) = δ15Nsubstrate (f = 1) + ε× [1 – f] (5)

δ15Nproduct (f) = δ15Nsubstrate (f = 1) – ε× f (6)

2
Dominant Marine N Processes and their Isotopic Effects

Nitrogen is found in nature at a variety of oxidation states giving rise to
a large number of potential biogeochemical transformations and chemical
forms. This large potential list is reduced by the environmental conditions
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Fig. 1 Schematic representation of major nitrogen cycle paths based on an original Figure
in [1]. The large range in nitrogen redox state is shown and is a factor in determining the
circumstances under which any particular pathway is favorable. The recently discovered
anammox pathway has been added

prevailing in today’s ocean as well as the available biochemistries and the en-
ergy yield/requirement for particular transformations. While all significant
transformations are biologically mediated, it is illustrative to present these
with respect to redox state (Fig. 1 [1]). In the following discussion, the focus is
on those processes with large-scale significance either with respect to oceanic
N balance and/or creation of observed patterns in concentration.

2.1
N2 fixation

In the form of dinitrogen gas (N2), nitrogen is an abundant element on the
Earth’s surface. It makes up ∼ 80% of the atmosphere by volume and is
a similarly dominant component of dissolved gases in seawater. If this form
of nitrogen could be directly used by all autotrophs, nitrogen availability
would exert little or no control on marine (or any other) biogeochemistry
and there would be little sense in writing this chapter. In reality, breaking the
triple bond holding N2 together is only mildly thermodynamically favorable
(∆G = – 43 kJ/mol N) with apparent large kinetic barriers and few groups
of organisms possess the biochemical machinery, specifically the nitrogenase
enzyme, to do so. Those capable of N2 fixation are exclusively prokaryotes
and N2 fixing autotrophs fall within the cyanobacteria (blue-green algae). In
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the ocean, the pelagic Trichodesmium species appear to be the dominant N2
fixing organisms [2] followed by diatom endosymbionts (e.g. Richelia; see
review by [3]).

The nitrogenase enzyme is both O2 sensitive and has a high require-
ment for Fe [4]. The relative demand as compared to non-N2 fixers, though,
has been sharply revised downward to 4-fold [5]. Given the very low Fe
concentrations found in the well-oxygenated open ocean of today and well-
conserved structure of its active site across phylogenetic groupings, it has
been suggested that nitrogenase evolved early in the Earth’s history before
oxygenation of the atmosphere several billion years ago [6]. O2 sensitivity
poses a problem for oxygenetic photoautotrophs with one solution being
the formation of specialized non-photosynthetic, N2 fixing cells referred to
as heterocysts which have thickened cell walls to inhibit the inward diffu-
sion of O2. Despite its high O2 environment in the near-surface open ocean,
Trichodesmium lacks heterocysts and in fact couples photosynthetic energy
production to N2 fixation. How O2 inhibition is overcome is not well under-
stood.

The high requirement for Fe has further suggested an interaction between
Fe and N biogeochemistry [6]. Since Fe is chiefly supplied by eolian dust in-
put, proximity to these sources is thought to be a control on Trichodesmium
population size and activity. Indeed, recent studies in the subtropical/tropical
North Atlantic show Trichodesmium to be relatively Fe replete in this region
which receives a large flux of Fe in the form of Saharan dust [7]. However,
co-limitation with phosphorous has been reported [8]. Given the wide spa-
tial variation in Fe delivery to the ocean’s surface, it has been estimated that
in 75% of the ocean’s area, N2 fixation is potentially limited by Fe [9].

N2 fixers have a clear ecological advantage when the supply of combined
N to photoautotrophs is very low. Hence, Trichodesmium blooms are typically
found in oligotrophic parts of the ocean where high insolation, water col-
umn stability, and warm temperatures further favor this group of organisms.
Assuming there is sufficient Fe, an apparent paradox is that low available
combined N also implies a low flux of P. If Trichodesmium were constrained
by the average (Redfield) ratio of N to P found in both phytoplankton and
inorganic sources in deep water (16 : 1; [10]), little N2 fixation could be ac-
complished before P limitation would set in. One possible solution would be
faster recycling in near-surface waters of P as compared to combined N. How-
ever, recent field studies demonstrate that Trichodesmium N : P can be several
fold higher than the Redfield ratio [7].

Since N2 fixation contributes locally to regionally to the combined N in-
ventory without any corresponding input of P, remineralization of relatively
N rich OM results in subsurface NO3

– : PO4
–3 ratios higher than the Red-

field ratio. There are several formulations in the literature for quantifying the
NO3

– anomaly relative to PO4
–3 including the now well-known “N∗” param-

eter devised by Gruber and Sarmiento [11] and later modified by Deutsch
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et al. [12]. I refer to my personal preference of N′ for its simplicity and lack
of assumptions regarding the N : P ratio of decaying organic mater:

N′ = NO–
3 + NO–

2 – 16×PO–3
4 (7)

Regardless of the specific formulation, geochemical approaches using NO3
–

anomalies dramatically changed views regarding the magnitude of oceanic
N2 fixation such that it is now seen as clearly the predominant source of
combined N to the ocean. Prior estimates were based on combinations of
Trichodesmium abundance estimates and N2 rate measurements made using
incubation techniques (e.g. [2]). In hindsight, prior studies likely underesti-
mated oceanic N2 fixation due to undersampling of Trichodesmium activity
that is highly variable in time and space. Geochemical approaches have the
advantage of integrating over the time and space scales of the circulation and
renewal of the subsurface waters in which the NO3

– anomalies accumulate—
years to decades and hundreds to thousands of km. As expected, the most
positive N∗ or N′ values are found in subsurface waters (100 to 1000 m) un-
derlying regions such as the Sargasso Sea where Trichodesmium blooms are
known to regularly occur. However, estimation of pelagic marine N2 fixation
is far from settled in that recent work has suggested geochemical measures
are closer to the prior biological ones due to smaller than assumed areal ex-
tent of the N∗ anomaly [13]. Large interannual variability in positive N∗ in the
subsurface waters of the Sargasso Sea have also been observed [14] suggesting
that temporal aliasing is also a concern with the geochemical approach.

Given the conservation of nitrogenase and presumably its catalytic mech-
anism and kinetics thereof, it is not surprising that fairly similar isotopic
fractionation effects are observed for different phylogenetic groupings of N2
fixers (e.g. [15–18]). Despite the energy required to break the triple bond
in N2, little discrimination against 15N is observed, making the intracellu-
lar product NH4

+ and subsequent organic N, similar in isotopic composition
to the N2 substrate. Regarding oceanic N2 fixation, Trichodesmium isotopic
composition can be measured directly to assess its impact on marine isotope
biogeochemistry. Averages are between – 1 and – 2‰ [19, 20] consistent with
small ε values of 2 to 3‰ given that the δ15N of dissolved N2 is about 0.7‰
higher than atmospheric N2 (0‰ by definition) due to equilibrium isotopic
fractionation between dissolved and gas phase N2.

Average marine NO3
– has a δ15N value of ∼ 4.7‰ [21, 22]. The contri-

butions from N2 fixation that produce positive NO3
– anomalies (N′) should

also, by contributing 15N depleted N, reduce NO3
– δ15N values (δ15NO3

–)
below 4.7‰. This is clearly seen in the subtropical N. Atlantic where the re-
gion of positive N′ between 100 and 1000 m corresponds to δ15NO3

– values
as low as 1‰ (Fig. 2). These results reflect influence from N2 fixation in over-
lying surface waters which produces OM with higher than average N : P and
δ15N lower than 4.7‰. When this OM sinks below 100 m and degrades to
its inorganic constituents, positive N′ and lowered δ15N NO3

– values are pro-
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duced. The region below 1000 m with slightly negative N′ has δ15NO3
– values

indistinguishable from the oceanic average. This is sensible since almost all
sinking organic particles are degraded above 1000 m.

If positive N′ quantitatively reflects the contribution from N2 fixation then:

δ15NO3
– = [N′× – 2 + (NO3

– + NO2
– – N′)×4.7]/(NO3

– + NO2
–) (8)

but rearranging for convenient plotting:

δ15NO3
– = 4.7 – 6.7∗N′/(NO3

– + NO2
–) (9)

Plotting the data in Fig. 2 as δ15NO3
– vs. N′/N (Fig. 3) shows points dis-

tributed about this expected trend confirming that N′ is a generally reliable
indicator for contributions from N2 fixation. Consequences for global N iso-
tope balance and possible reconstruction of past N2 fixation are discussed
below. Very recent analytical improvements in measuring the δ15NO3

–, par-
ticularly at concentrations below 2 µM, will likely reduce scatter in the data
distribution [2]. These new techniques in which NO3

– is converted to N2O
for mass spectrometric analysis preserves oxygen isotopic information which
can be used to detect influence on δ15N values by removal processes such as
denitrification or phytoplankton NO3

– assimilation [24].

Fig. 2 Vertical profiles of N′ (see text) and δ15NO3
– from a series of stations in the Sar-

gasso Sea (subtropical N. Pacific). The positive N′ values in the upper 1000 m are evidence
for N2 fixation in the overlaying surface waters. The relatively low δ15NO3

– values in this
depth region are consistent with this perspective
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2.2
Denitrification

If N2 fixation is the entry point to the biosphere for combined N, then deni-
trification is the clear exit. In this case, its importance as a sink for combined
N is incidental to its physiological significance. When O2 falls to < 5 µM, it
becomes energy efficient for many heterotrophic bacteria to facultativelyCE

a

use the denitrification pathway to respire OM with NO3
– as an electron accep-

tor [25]:

(CH2O)106(NH3)16H3PO4 + 84.8 HNO3

= 106 CO2 + 42.4 N2 + 16 NH3 + 148.4 H2O + H3PO4 (10)

The energy yield for this reaction (∆G = – 452 kJ/mol C) is only slightly less
than for aerobic respiration (∆G = – 476 kJ/mol C). Only after NO3

– is con-
sumed are processes such as sulfate reduction with a much lower energy yield
favored (∆G = – 82 kJ/mol C). Thus the requirements for denitrification are
(1) a supply of NO3

–, (2) suboxic conditions, and (3) a supply of OM. Not
surprisingly #’s 2 and 3 often co-occur. Also note that N2O is an intracellular
intermediate (Fig. 1) such that denitrification potentially can result in either
net production or consumption. However, N2O is usually well below satu-
ration concentrations (assuming equilibrium with the atmosphere) within
active denitrification zones [26].

Fig. 3 Cross-plot of the data in Fig. 2. N′ is normalized by the NO3
– concentration (N′/N)

since δ15NO3
– should be a function of the proportion of the total derived from N2 fixa-

tion. The line represents an expected trend if the newly fixed nitrogen has a δ15N of – 2‰.
Numbers refer to the station numbers in Fig. 2

CE
a Author: is this change okay?

Editor’s or typesetter’s annotations (will be removed before the final TEX run)
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The principal loci for denitrification in the ocean are regions with suboxic
intermediate waters (water column denitrification) and continental margin
sediments (sediment denitrification; e.g. [27]). Water column denitrification
occurs primarily in three locations; the Arabian Sea [28], the Eastern Tropi-
cal N. Pacific (ETNP; [29]) off the western Mexican margin, and the Eastern
Tropical S. Pacific (ETSP; [30]) off the Peruvian and northern Chilean mar-
gins. In each of these regions, suboxic conditions are vertically found between
near the base of the euphotic zone (50 to 100 m) down to as deep as 500 to
1000 m (Fig. 4). Suboxia results from a combination of poor ventilation of
intermediate waters and high downward flux of OM. Each of these regions ex-
perience coastal upwelling to the surface of nutrient-rich waters which in turn
stimulate high rates of primary production. Both upwelling and intermediate
water ventilation can be sensitive to climate change suggesting mechanisms
for temporal variability in water column denitrification (see below). Although
Eq. 10 indicates a build up of NH4

+ should occur, this is not observed in any
of the three water column denitrification regions. An alternative stoichiome-
try has been used in which organic N as well as NO3

– is transformed to N2
and raising its effective yield by 17%;

(CH2O)106(NH3)16H3PO4 + 94.4 HNO3

= 106 CO2 + 55.2 N2 + 177.2 H2O + H3PO4 (11)

NO2
– is an intermediate for denitrification (see Fig. 1) that can reach sub-

stantial concentrations (1 to 10 µM) in subsurface waters as a consequence
of intense denitrification. The anammox pathway in which NH4

+ and NO2
–

are combined to form N2 by specialized chemosynthetic bacteria has been
recently identified and may explain the lack of NH4

+ buildup [31, 32].

Fig. 4 Global distribution of O2 at 300 m depth. This depth intersects the cores of the ma-
jor water column O2 minimum zones (OMZ’s) off the Mexican Margin, the Peru Margin,
and in the Arabian Sea
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Anammox will be further discussed below. A limited number of measure-
ments of N2 anomaly relative to changes in NO3

– have suggested that even
Eq. 11 underestimates denitrification yield relative to NO3

– removal by up to
50% [33].

While only a handful of N2 measurements of sufficient precision exist for
assessing water column denitrification, a relatively large nutrient database
exists for calculation of N′. In the case of water column denitrification, the re-
moval of NO3

– results in negative anomalies relative to PO4
–3. N′ can reach

– 20 µM, indicating that up to half of the initial NO3
– has been removed by

denitrification. Just as with N2 fixation, maps of N′ can provide a detailed
picture of the horizontal and vertical extent of the influence of denitrifica-
tion, if not the active process itself (Fig. 5). Combined with estimates of fluid
motion and mixing, a regional denitrification rate can be calculated that is
nevertheless dependent on assumptions of stoichiometry (e.g. [12]).

Sediment denitrification is biochemically equivalent to the water column
process and occurs in the upper sediment column of inshore regions, the
continental shelf, and continental slope. In contrast to water column deni-
trification, water column O2 concentrations have secondary influence. Along
almost all continental margins, OM inputs are sufficiently high to support res-
piration rates that result in suboxic conditions. In fact, in margin sediments
with the highest denitrification rates, the suboxic zone is found vertically
within the sediments as a narrow mm to cm scale band between the oxic sed-

Fig. 5 Global distribution of N′ at 300 m depth. The most negative values correspond to
the cores of the OMZ’s shown in Fig. 4 and are produced by denitrification. Positive values
in the Sargasso Sea and other subtropical zones are the result of N2 fixation. Site locations
for data discussed in this chapter are as indicated
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iment surface and an sulfate-reducing, anoxic region below. Until the work of
Christensen and Devol [27, 34, 35], the downward diffusion of NO3

– from the
overlying water was thought to control the overall sediment denitrification
rate and was used as its estimate. They discovered that in situ production of
NO3

– in the sediment oxic layer by nitrification could be the principal source
for denitrification. Their resulting estimates put global marine sediment den-
itrification on par in importance with respect to water column denitrification
(∼ 100 Tg – N/yr). Codispoti et al. [33] and Brandes and Devol [36] have re-
cently suggested even higher rates (> 200 Tg – N/yr). Unfortunately, sediment
denitrification estimates are based on extrapolation of flux determinations
from a limited number of individual sediment cores from a limited number of
regions. This contrasts with water column denitrification in which each major
region has been characterized using geochemical estimates.

Unlike N2 fixation, denitrification strongly discriminates against 15N (large
isotope fractionation potential). The two most important implications are
(1) locally, denitrification can produce NO3 strongly enriched in 15N and (2)
as an important overall combined sink, denitrification raises oceanic average
δ15N above the average of the combined N sources (discussed further below).
Whether measured in the laboratory or in the field, the inherent fractionation
factor for denitrification (εden) is between 20 and 30‰ [37, 43]. The clearest
examples of denitrification produced isotope enrichment are for the regions
of water column denitrification discussed above. While the oceanic average
for δ15NO3

– is near 5‰, depths with the greatest intensity of denitrification
reach > 20‰. In each of the ocean’s three large water column denitrification
regions, 15N enrichment in NO3

– is clearly associated with the core of the O2
minimum zone (OMZ), and the most negative N′ values. Denitrification also
produces δ18O increases in the residual NO3

– and recent studies have shown
the relationship with the increase in δ15N is approximately 1 : 1 (D. Sigman,
pers. comm.).

N′ can be used to estimate the residual fraction NO3
– remaining after den-

itrification permitting fits to the Rayleigh equations (Eqs. 3 and 5):

f = (NO3
– + NO2

–)/(NO3
– + NO2

– – N′) (12)

Using the Arabian Sea as an example, δ15NO3
– maxima within the OMZ vary

between stations suggesting variable isotopic fractionation (Fig. 6). Never-
theless, when plotting all station data together, strong linear correlations are
found between δ15NO3

– and its fractional removal as estimated by Eq. 12,
(Fig. 7). Neither the linear fit nor the value for εden estimated from the slope
appears sensitive to the choice of an open or closed system equation. εden is
between 20 and 30‰ consistent with both laboratory and field observations.
Similar results have been reported for the ETNP [43].

Although benthic denitrification employs the same biochemical path-
ways, the measured isotopic fractionation in continental margin sediments
is a tenth or less as found in the water column [44, 45]. The cause for this
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Fig. 6 Depth profiles for δ15NO3
– from several stations in the Arabian Sea denitrification

zone. The maxima between 200 and 400 m are in the core of this OMZ and co-occur with
the most negative N′ values. The vertical dashed line represents average oceanic δ15NO3

–

for reference

Fig. 7 Cross plots of the δ15NO3
– data in Fig. 6 with either the estimated fraction of NO3

–

remaining after denitrification (f) or the ln of f as prescribed by the open and closed sys-
tem Rayleigh equations (Eqs. 3 and 5), respectively. The regression slopes estimate the
fractionation factor (ε)
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contrast in εden between these environments is an apparent distinction in
the rate-limiting step. In the case of water column denitrification, the activ-
ity of nitrate reductase appears limiting allowing for a near-full expression of
the enzymatic fractionation factor. In the case of the benthic denitrification,
the sediment matrix impedes the transport of substrates, such that diffusion
of NO3

– is rate limiting. Since this process only very weakly discriminates
(fractionates) between isotopes, observed εden is sharply reduced to values
indistinguishable from 0‰.

2.3
Autotrophic Assimilation

While neither a source nor sink to marine combined N inventory, autotrophic
assimilation can produce important transient or regional N isotopic signals.
Analogous to denitrification, autotrophic consumption tends to discriminate
against the heavy isotope such that partial nutrient drawdown leaves the re-
maining substrate isotopically enriched and the OM produced isotopically
depleted. The most important sources of combined N for phytoplankton are
NO3

– and NH4
+ and significant uptake isotopic effects (εu) have been ob-

served during the uptake of either. For NO3
–, laboratory experiments show εu

to vary with taxa with some evidence of diatoms having higher values [46–51]
as compared with other common marine phytoplankton species.

Aside from eutrophic estuaries/embayments and anoxic basins, NH4
+ is

usually found in the ocean as small, rapidly overturning pools. Any isotopic
effects during uptake are not expressed at observable temporal/spatial scales.
By contrast, large spatial/temporal variations in NO3

– concentration are ob-
served in the near-surface ocean which are forced by shifts in the balance
between supply and biological consumption. For example, in most temperate
oceanic waters, deep winter mixing followed by springtime thermal stratifica-
tion and a phytoplankton bloom produces an annual cycle of high wintertime
NO3

– followed by springtime drawdown in near-surface waters.
In high-nutrient low chlorophyll regions (HNLC; e.g. Subarctic Pacific,

Equatorial Pacific, Southern Ocean), this cycle is muted to varying degrees
as a result of Fe limitation of phytoplankton growth (e.g. [52]). In the po-
lar Southern Ocean, summertime NO3

– drawdown is only between 10 to
20% of the wintertime maximum surface concentration. Northward advec-
tion across the polar front into the Subantarctic zone followed by further
NO3

– drawdown produces a large meridional concentration gradient. Since
the Subantarctic zone in an important location for intermediate water for-
mation, incomplete nutrient utilization has important consequences for the
chemical composition of these waters that ultimately upwell in the subtropics
and tropics [53]. A qualitatively similar phenomenon is observed in the Equa-
torial Pacific where upwelling to the surface of nutrient-rich waters occurs at
the equator and more intensely to the east. Here too, Fe limitation prevents
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complete local utilization of NO3
–, but continued utilization with advection

of surface waters poleward as well as westward produces a well-known con-
centration gradient, e.g. [54].

Because these surface NO3
– gradients are created by phytoplankton draw-

down, there are corresponding and inverse variations in the δ15NO3
–. The

best example is from the S. Ocean where near-surface δ15NO3
– values can

reach 15‰ as [NO3
–] approaches 0 µM in the vicinity of the subtropical front

(Fig. 8; [55]). A Rayleigh-type relationship is observed in all sectors though
the estimated value for εu (4 to 6‰) may be reduced from actual values due
to mixing and seasonal effects. During the JGOFS AESOPS program, there

Fig. 8 Changing NO3
– concentration and δ15NO3

– with latitude across the Southern
Ocean frontal zone system. Increasing δ15N with decreasing NO3

– is the result of isotopic
fractionation during phytoplankton uptake. Figure from [55]
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Fig. 9 (a) Example of seasonal changes in NO3
– concentration and δ15NO3

– in the near-
surface waters of the Southern Ocean due to partial removal by phytoplankton. The
corresponding temperature profile marks the progression from well-mixed surface waters
in austral winter to thermal stratification in spring. (b) Cross plots with ln [NO3

–], an
approximation for ln f, for four stations along a N-S transect of the polar frontal region
in the SW Pacific sector. Data from profiles taken at the time of maximal drawdown as
well as CEc seasonally distributed data are shown
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was seasonal sampling at locations within both the subpolar and polar re-
gions north of the Ross Sea. Surface data showed a similar δ15NO3

– : [NO3
–]

relationship with an obvious seasonal pattern of austral summer reduction
in [NO3

–] and increase in δ15NO3
– [56]. Four stations spanning the polar

front were studied in detail allowing for more rigorous analysis of quanti-
tative relationships. εu was estimated and compared for both summertime
vertical profiles of [NO3

–] and δ15NO3
– as well as mixed-layer seasonal time-

series (Fig. 9). For both, a similar range in εu of 6 to 8 was deduced with the
exception of the depth-distributed data at one station. Sediment trap collec-
tions at these sites further showed that the annual average δ15N for sinking
POM at each site was consistent with (a) annual NO3

– drawdown (f) and
(b) estimated εu. For the low extent of nutrient drawdown observed, it was
shown there was insignificant sensitivity to closed (Eq. 4) or open (Eq. 6) sys-
tem equations. This showed the δ15N of POM reaching the sediments to be
sensitive to surface ocean NO3

– utilization in HNLC regions.

2.4
Remineralization

Remineralization refers to all processes that transform organic N back into its
inorganic constituents. Biochemically this usually involves the heterotrophic
removal of the amino group from amino acids with subsequent production of
ammonia (NH3) which at seawater pH is found as ammonium (NH4

+). While
some metazoans subsequently detoxify ammonia by conversion to urea, etc.,
ammonia is the dominant release product of remineralization in marine sys-
tems. The biogeochemical significance of this process is two-fold: First, it is
an obligatory step in nitrogen cycling resupplying pools of DIN. Second, it is
the “other side of the coin” for organic nitrogen diagenesis—organic nitro-
gen preservation equates with incomplete remineralization. Conditions that
enhance remineralization also enhance diagenesis and reduce preservation.

Evidence for N isotope effects during remineralization is equivocal. Signifi-
cant isotopic discrimination is indicated by direct observation of low δ15N for
NH4

+ excreted by zooplankton which is consistent with the well known and
ubiquitous phenomenon of 15N trophic enrichment [57–60]. The 3 to 4‰
higher δ15N for a heterotrophic organism relative to its food is well explained
as a mass balance with loss of 15N depleted excreta. The trophic shift in δ15N
has been widely used to trace foodwebs particularly in conjunction with δ13C
which shows a relatively modest change with trophic exchange and is much
more indicative of the primary producers at the base of the food web (e.g.
C3 vs. C4 plants). Bulk δ15N has been complemented with individual amino
acid isotopic analysis. Large variations within microorganisms have been ob-
served that appear to match position in the transamination pathway [15, 61].
For metazoans which may not have the ability to synthesize all required pro-
tein amino acids, the δ15N of “essential” amino acids appears to retain the
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δ15N of the primary producers while others exhibit an amplified trophic en-
richment. Thus, spectra of δ15N variation among amino acids in zooplankton
have been used to deduce trophic level [62].

Additional evidence for isotopic fractionation during remineralization in-
clude the universal observation of 5 to 10‰ [63, 64] increases in δ15N for
small, suspended particulate organic matter (POM) with depth below the eu-
photic zone in the open ocean. With the presumption that deep POM was
ultimately derived from the overlying surface waters, the rise in δ15N with de-
creasing concentrations was interpreted as reflecting progressive diagenesis
with depth and removal of 15N-depleted NH4

+. Elevated δ15N (3 to 5‰) for
sea floor sediment N relative to sinking particle inputs in regions with poor
OM preservation has been interpreted similarly [65].

In contrast, large, fast-sinking POM in the open ocean as sampled by a sed-
iment trap either shows constant or even decreasing δ15N with depth (1000s of
m) and diminishing flux [56, 64–67]. The few direct measurements of porewa-
ter NH4

+ δ15N show values similar to sediment OM [68]. These measurements
were made in the upper 50 cm of relatively OM-rich sediments in regions of
the sediment column not influenced by nitrification. It has also been pointed
out that even where sediment OM content is relatively high, most of the ori-
ginal input of organicNhasbeenremovedbyremineralizationbut nevertheless
sediment δ15N matches well inputs as measured by sediment traps.

Laboratory studies of diagenetic isotopic effects do not resolve these am-
biguities. Under oxic and anoxic conditions, δ15N of the remaining OM can
either increase or decrease [47, 69, 70]. These apparently contradictory results
may be the result of microbial assimilation of NH4

+ occurring simultaneously
with production. Nevertheless, there appears to be a consensus view that
NH4

+ produced during microbial OM diagenesis is not significantly shifted in
δ15N away from its source [71, 72].

2.5
Nitrification

Nitrification is the last step completing the internal marine N cycle in which
NH4

+ is in two steps oxidized by obligative chemosynthetic bacteria back to
NO3

– (Fig. 1). In the first step, NH4
+ is oxidized to NO2

– and in the second
NO2

– is oxidized by a different class of bacteria (e.g. Nitrobacter) to NO3
–.

In most of the open ocean, the production of NH4
+ limits nitrification such

that rarely NH4
+ or NO2

– concentrations (< 0.2 µM) reach significant levels
as compared to NO3

– (1 to 40 µM below the euphotic zone). These inter-
mediaries may build up where nitrification is inhibited by low O2 as at the
boundaries of water column suboxic/anoxic zones or where NH4

+ produc-
tion rates are very high such as in eutrophic estuaries.

Laboratory and field studies clearly show a substantial N isotope fraction-
ation effect associated with each of the nitrification steps (15 to 40‰; [73–
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75]). The distinction with the diagenesis/remineralization studies is that
single strains were used thereby isolating the experiments to single N trans-
formations. New and exciting work shows for the first time variations in
ε as a function of phylogenetic grouping presumably due to differences in
enzyme structure and/or regulation of microbial physiology [76]. This ap-
proach holds much promise for understanding part of the natural variations
observed in isotopic fractionation for this and other transformations.

In most of the ocean, nitrification does not produce any observed variation
in δ15N since any remineralized NH4

+ is rapidly and completely converted to
NO3

–. Only where there is only partial removal or a gradient in utilization
in eutrophied coastal waters such as Delaware Bay [74], is there an effect ob-
served through progressive 15N enrichment in NH4

+ with its consumption by
nitrification. A similar effect may occur vertically in OM-rich sediments at
the suboxic/oxic transition zone where NH4

+ is diffusing upward from the
anoxic layer and upon entering the near-sediment-surface oxic layer is sub-
ject to nitrification [72]. However, if diffusion is rate limiting, little isotopic
fraction may occur as observed for sediment denitrification.

N2O is a by-product of nitrification (Fig. 1) whose yield appears to be
dependent on O2 concentration [77, 78]. Though a very minor sink for
combined marine N, this flux may be a large fraction of total global N2O
sources [79, 80]. Atmospheric N2O acts as a minor greenhouse gas but
through photochemical reactions producing NO is a major term controlling
stratospheric O3. The oceanic N cycle through N2O production thus impacts
the chemistry of the upper atmosphere. A number of studies have made use
of the δ15N and δ18O of N2O to better constrain its biogeochemistry. Where
there is net depletion due to denitrification, 15N and 18O are correspond-
ingly strongly enriched [81]. Recent studies have exploited the asymmetry of
the N2O molecule to examine isotopomer composition, that is the differential
15N/14N ratio of the central vs. end position N atom [82, 83].

3
A Geochemical Approach to Marine N Cycling

Availability of combined N is an important control on photosynthetic carbon
fixation (primary production) in much of the ocean. Combined N appears
to fulfill the definition of a limiting nutrient as first coined by Liebig in his
“law of the minimum”. Marine biogeochemists have in the last two decades
found reality to be rather more complex than this simple view with respect to
co-limitation by other macro and micro-nutrients. Moreover, related but dis-
tinct processes may have different suites of controlling factors (e.g. primary
vs. export production). Nevertheless, it is clear that outside of HNLC regions
practically all combined inorganic nitrogen available to the euphotic zone
is utilized on an annual basis. This includes regions with perennial coastal
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upwelling centers that are persistently enriched near-surface in NO3
– that is

consumed with subsequent along-surface advection of the upwelled water.
As mentioned above, marine phytoplankton produces OM with an average

C : N ratio of 6.6 and an average N : P ratio of 17 [10]. This Redfield stoichiom-
etry is a central and powerful concept in marine biogeochemistry and the
quantitative link between nitrogen with other elemental cycles. These rela-
tionships can be expressed as an equation for the interconversion between
average marine OM and its inorganic precursors:

(CH2O)106(NH3)16H3PO4 + 138 O2

= 106 CO2 + 16 HNO3 + H3PO4 + 122 H2O (13)

To the left, OM production consumes NO3
–, PO4

–3, CO2, and increases O2
concentrations in the proportions prescribed. To the right, OM remineral-
ization increases their concentrations by these proportions. An obvious ex-
ception is denitrification as discussed above. However, there is still much
confusion in the field regarding the precision of the Redfield stoichiometry.
A common misperception is that instead of reflecting average behavior, these
ratios reflect the strict requirements of all phytoplankton. Therefore, N : P de-
livery ratios even slightly above 16 would reflect PO4

–3 limitation and delivery
ratios below N limitation. In reality, there appears to be considerable biolog-
ical plasticity with respect to nutrient stoichiometry and limitation. Culture
and field studies show phytoplankton cell quotas can vary much more dra-
matically in response to P vs. N limitation (e.g. [84, 85]). This is likely due to
the greater structural role that N-containing molecules have. An important
confirmation of Redfield’s seminal work was the observation that marine phy-
toplankton, even when nutrients were abundant, utilized NO3

– and PO4
–3 at

ratios near 16 : 1. However, more recent work shows considerable variability
between taxonomic groups; [86] and that theoretically optimal stoichiometry
can vary widely with life strategy [87]. Particularly noteworthy, as mentioned
above, is the apparent high N : P ratio, 3 to 4-fold higher than Redfield, for the
N2 fixer Trichodesmium [88, 89].

These observations lead to the question of whether available nutrient sto-
ichiometry drives phytoplankton (and OM) elemental ratios or visa versa.
Redfield’s seminal 1934 paper concluded with the inference that because N
sources and sinks were largely controlled by ocean biology whereas P was
largely controlled abiologically (source from riverine delivery, sink from sed-
iment burial), the N cycle would adjust to variations in oceanic P balance
in order to maintain observed stoichiometry. For example a drop in P de-
livery would increase N : P, but subsequent inhibition of N2 fixation would
restore it to Redfield values. Since then, many geochemists have viewed P
as the ultimate limiting nutrient while biological oceanographers, based on
physiological studies, have viewed N as limiting outside of HNLC regions.
The observed variability in phytoplankton preferred N : P and in particular



20 M.A. Altabet

the high N : P (relative to Redfield) of Trichodesmium call into question the
simplicity of the traditional geochemist’s view. As discussed below there is
now considerable evidence for past large variations in the ocean N cycle that
would have forced fixed N inventory changes independent of P.

Despite these issues, it is clear that there is considerable coupling between
oceanic elemental cycles. Of particular interest is the coupling between nutri-
ent and carbon cycles. There is 60-fold more CO2 dissolved in the ocean than
in the atmosphere. It follows that on time-scales of exchange between the at-
mosphere and ocean (∼ 1000 yr), oceanic processes determine atmospheric
CO2 content which in turn is a major influence on global climate in its role
as a greenhouse gas (e.g. [90]). The 40% glacial to interglacial oscillation in
atmospheric CO2 observed in polar ice cores for the last 400 kyr is widely in-
ferred to be driven by oceanic processes [91]. Numerous theories have been
proposed over the last 20 years as to which oceanic phenomena produced
these changes (see brief review in [53]). Extensive paleoceanographic study
has led to many of these being discarded.

The surviving theories include two for which δ15N data have provided im-
portant support. The first theory (or set of theories) focuses on the modern
Southern Ocean as the region (1) through which the large volume of abyssal
ocean waters is ventilated with the atmosphere and (2) with the largest area of
HNLC surface waters [92–94]. Briefly, low glacial CO2 may have been driven
by increased downward export of organic C stimulated by an increase in Fe-
rich dust [95]. Alternatively, increased near-surface stratification decreased
ventilation of deep CO2-rich waters. In either case, relative NO3

– utilization
would have increased in glacial polar waters and there is now substantial δ15N
data to support this hypothesis [96, 97]. The second theory involves increased
glacial export productivity in all non-HNLC regions due to an increase in
average oceanic nutrient concentration. It has been argued from residence
time considerations that the response time of the oceanic P inventory is too
long relative to the 10 000 yr period for the glacial to interglacial transition in
CO2 concentration [98]. The N residence time is on the order of several thou-
sand years (see below), and is consistent with the oceanic N cycle being able
to be perturbed with sufficient rapidity to contribute to the observed change
in atmospheric CO2.

4
Combined N Inventory Balance
and Influence on Marine Biogeochemistry

Estimates for annual flux estimates for ocean N sources and sinks have re-
cently been extensively reviewed [33]. The current consensus is that source
terms are dominated by oceanic N2 fixation with significant but more mi-
nor contributions from riverine and atmospheric inputs. Denitrification in
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the water column as well as continental margin sediments is the predomi-
nant sink with very minor contributions from sediment burial. Overall, for
a steady state to exist, N2 fixation must roughly balance denitrification. There
are a number of possible feedbacks including the average NO3

– content of the
ocean itself. For example, increasing NO3

– (excess source over sink) could
increase denitrification through increased export productivity and reduced
subsurface O2. Increased average NO3

– concentration may also inhibit N2 fix-
ation if subtropical oligotrophy was reduced. Decreasing NO3

– could produce
inverse effects. While such coupling must exist on a very-long time scale,
a number of other independent factors can influence either denitrification
or N2 fixation resulting in partial decoupling on climatically significant time
scales.

The magnitude of total sources or total sinks are on the order of 200 Tg/yr.
Given that the current combined N inventory is 6×105 Tg (> 95% in the form
of NO3

–), the residence time (inventory/flux) for combined N in the ocean is
about 3 kyr. Any imbalance between sources and sinks would be reflected in
a change in inventory on this time scale which is comparable to the time scale
for past changes in atmospheric CO2. By contrast, P residence time is about
5 to 10-fold longer, such that it is much less likely that significant changes
in P inventory occurred on deglacial timescales [98]. There is considerable
uncertainty, though, in several of the N flux estimates. For example, it was
only after integrative, geochemical approaches were taken to quantify average
rates of very temporally and spatially variable N2 fixation that its dominance
was recognized as discussed above [11].

While Gruber and Sarmiento [11] assumed that the ocean’s N cycle was in
rough balance, Codispoti et al. [33] have suggested it is, at present, well out
of balance by increasing prior estimates of both water column and sediment
denitrification to ∼ 450 Tg N/yr. The increase in water column denitrification
is based on limited data showing the yield of N2 relative to observed negative
NO3

– anomaly to be up to 4-fold higher than calculated based on Eq. 11. Sed-
iment denitrification was also assumed to be higher than previously thought
based on extension of the water column results and recent discovery of anam-
mox and other pathways involving Mn [99].

4.1
What Controls Average Oceanic δ15N?

In parallel with an oceanic N budget, there must also be a 15N budget that
controls the average δ15N of the ocean. If removal processes did not alter (e.g.
did not fractionate), nitrogen isotopic ratio then average oceanic δ15N would
simply reflect the weighted average of the sources regardless of the overall
magnitude of oceanic N fluxes and whether they were in balance. With N2 fix-
ation being the dominant term, average δ15N would be near – 1‰, unless the
smaller contributions from riverine and atmospheric inputs are very enriched
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or depleted in 15N. In reality, average oceanic δ15N is near 5‰ [22] and is
the result of isotopic fractionation during the predominant sink— denitrifi-
cation. This value though is well below the one that would be estimated from
the known range in εden; 20 to 30‰ assuming steady state;

Fluxinput × δ15Navg. input = Fluxdenitrification × δ15NN2 lost via denitrification

(14)

since at steady state Fluxinput = Fluxdenitrification

δ15Navg. input = δ15NN2 lost via denitrification (15)

Eq. 2 applies such that δ15NN2 lost via denitrification = δ15Navg. ocean – εdenitrification

δ15Navg. input = δ15Navg. ocean – εdenitrification (16)

or δ15Navg. ocean = δ15Navg. input + εdenitirification

Brandes and Devol [36] have pointed out that lower than expected average
δ15N can be accounted for by the nil effective ε associated with sediment den-
itrification. Average oceanic δ15N at steady state is thus largely dependent on
the relative contributions of water column and sedimentary denitrification:

δ15Navg. ocean =δ15Navg. input + fwc (17)

×εwc denitirification + (1 – fwc)

×εsed denitirification

where fwc is the fraction of total denitrification occurring in water col-
umn suboxic zones and 1 – fwc the fraction in sediments. Considering
εsed denitrification is close to 0:

δ15Navg. ocean ∼ δ15Navg. input + fwc ×εwc denitrification (18)

It had previously been thought that water column and sedimentary denitri-
fication each made roughly equal contributions to oceanic N loss. Brandes
and Devol conclude, though, that to achieve an average δ15N of 5‰, sedimen-
tary denitrification must dominate and account for about 80% of total oceanic
denitrification. Since as mentioned above, flux estimates for water column
denitrification are likely conservative, the implication is that sedimentary and
thus total denitrification is substantially greater than previously thought as
concluded by Codispoti et al. (2001). The resulting large imbalance, though,
would indicate non-steady δ15Navg. ocean .

The Brandes and Devol model assumes that use of εwc denitrification values
derived from cultures and/or from changes δ15NO3

– is appropriate for use
in Eq. 18. However, there are at least three factors which could reduce the
effective isotopic fractionation (difference in δ15NN2 lost via denitrification and
δ15Navg. ocean) associated with water column denitrification. The first takes
into account that within the water column denitrification zone there is sub-
stantial reduction of NO3

– concentration such that Eq. 4 rather than Eq. 2
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would be a more appropriate predictor of the δ15N of N2 lost under “closed”
system conditions. Using a realistic profile from the Arabian Sea, the effective
εdenitrification is reduced from 25 to 20‰. Second, the canonical denitrifica-
tion equation shows that 16% of the N2 produced is actually derived from OM
which in water column denitrification regions has a δ15N between 8 to 10‰
due to the elevated δ15N of upwelled NO3

–. The contribution of organic N
conversion to N2 further lowers the effective εwc denitrification to 16‰. Finally,
the nature of the physical flow system also influences effective isotopic frac-
tionation. At one extreme, water parcels can be imagined as being isolated
from each other as they pass through (advect) through the denitrification
zone and the closed system approach would be most accurate. Alternatively
at the other extreme, mixing between parcels greatly exceeds advection and
open system assumptions apply. Applying the open system Eq. 6, would fur-
ther reduce εwc denitrification to 13‰. Applying all three conditions produces
a steady state balance in which denitrification is close to being equally appor-
tioned between water column and sedimentary denitrification (Fig. 10). The
lower overall magnitude of sedimentary denitrification called for also makes
more likely that a near-steady state in the ocean N budget exists.

The available means to estimate oceanic combined N flux have sufficient
inherent uncertainty that the question of modern balance will not be an-
swered through estimation of present-day fluxes. As discussed above, open
ocean N2 fixation is very patchy in time and space though integrative geo-
chemical estimates based on intermediate water NO3

– anomalies partially
overcome this problem. Sedimentary denitrification so far has relied on ex-

Fig. 10 Estimated relationships between the fraction of total ocean N source consumed by
water column denitrification according to Eq. 18. Relationships assuming different values
for the effective ε are shown (see text)
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trapolation from a limited set of core incubation experiments. However, even
if all modern estimates were “perfect” it is unlikely that they would be equiva-
lent to average fluxes over the most recent 3 kyr or approximately 1 N res-
idence time period. It is on this time scale that any net imbalance would
have a significant impact on oceanic N inventory. For example, a 20% deficit
sustained over the last 3 kyr would roughly result in a 20% decrease in N
inventory and average oceanic NO3

– concentration. Average oceanic δ15N
would similarly respond to unsteady conditions on this time scale. Altabet
and Curry [100] showed theoretically that during periods of increasing N in-
ventory δ15N decreases during the transition regardless of whether the cause
is an increase in N2 fixation or a decrease in denitrification. Decreasing N
inventory would correspondingly produce a maximum in δ15N on the transi-
tion. When balance was reestablished, initial average δ15N would be returned
to even though the N inventory was higher or lower unless the relative pro-
portion of sedimentary and water column denitrification had changed. The
rest of this chapter focuses on δ15N reconstruction using sediment cores with
application to both the problems of near-modern balance as well as whether
changes in N inventory were coupled to past global climate change.

5
Paleo-Reconstruction of Marine N Cycle Processes

5.1
Signal Transfer to and Preservation in Sediments

To use sedimentary δ15N records for oceanic N cycle reconstruction, it is ne-
cessary to (1) understand the factor(s) driving the δ15N signal reaching the
sediments and (2) determine whether that signal is subsequently altered by
sedimentary organic matter (SOM) diagenesis.

Dealing first with item #1, it has been long recognized there must be on
average a balance in non-HNLC regions between the flux of “new” nitrogen
into the euphotic zone where it is utilized by phytoplankton and the loss of N
primarily in the form of fast-sinking particles [101]. New nitrogen is distin-
guished from nitrogen remineralized and reutilized by phytoplankton in the
euphotic zone. It is supplied in the form of NO3

– from deeper waters when
they upwell into and/or mix with nutrient-depleted near-surface waters. Just
as there is an on average balance between new N input and loss to the oceanic
euphotic zone, there must also be an isotopic balance [102]. If so, then the
δ15N signal reaching the sediments as sinking particles should be equivalent
to the δ15N of NO3

– supplied to the euphotic zone above. In HNLC regions,
the same would apply except the δ15N observed is lowered by the fractiona-
tion effect associated with partial NO3

– utilization as shown by the point for
the Equatorial Pacific and Southern Ocean. A priori, this may not be realized
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in a δ15N comparison between NO3
– and sinking particles if: (1) local vertical

processes were not dominant such that balance was only realized by integrat-
ing over very large horizontal scales or (2) possible secondary contributors to
N loss such as mixing/advection of DON or excretion at depth by vertically
migrating zooplankton had large isotope effects associated with them.

Whether sinking particles accurately transfer the NO3
– isotopic signal to

the sediments has been extensively tested by local comparison at a number of
sites. At each, in addition to δ15NO3

– data, a sediment trap time series was
available covering at least one annual cycle. The latter point is important in
that many of the locations studied have seasonal increases in euphotic zone
NO3

– due to either seasonal upwelling or wintertime deep convective mixing.
Isotopic fractionation due to partial phytoplankton NO3

– utilization may be
expressed on a seasonal basis, but not in the annual average δ15N for sink-
ing particles since eventually almost all near-surface NO3

– is utilized at some
point in the annual cycle. The sites examined also cover the > 10‰ range in
δ15N observed in the open ocean, from low δ15N regions influenced by N2
fixation (Sargasso Sea) to high δ15N, denitrification regions such as the Gulf
of California (Fig. 11A). Overall, the comparison is excellent with all points
falling on or near the 1 : 1 line. If HNLC regions were included (e.g. Southern
Ocean or Equatorial Pacific), these points would fall to the right of the 1 : 1
line in Fig. 11A. In summary, it is clear that local isotopic balance between the
new nitrogen source in the form of NO3

– and loss as sinking particles is real-
ized and that a reliable and well-identified isotopic signature is transferred to
the sediments.

This comparison is now extended to the surficial sediments. While the iso-
topic signature reaching the sediment reflects near-surface processes, early
diagenetic alteration may alter it even in recent sediments. Even where sed-
imentary SOM preservation is considered excellent, only a few percent of
the input is preserved. While the isotopic effects of diagenesis per se remain
ambiguous, SOM may also have altered δ15N relative to inputs if bacterial
metabolism produces new organic nitrogen from NH4

+ or NO3
– with δ15N

distinct from sinking particles. The comparison with surficial sediment δ15N,
though, shows these concerns are not actualized when SOM preservation is
good to excellent. For these sites in which %N in surficial sediment is rela-
tively high (> 0.1% by weight) as a result of a combination of high export
production and/or inhibited diagenesis resulting from low bottom water O2,
the 1 : 1 comparison between SOM δ15N and δ15NO3

– is just as robust if not
more so as between δ15NO3

– and sinking particle δ15N (Fig. 11B). In con-
trast, deep-ocean sites such as the Sargasso Sea with poor SOM preservation
have δ15N values elevated by 3–6‰ relative to sinking particles. This “diage-
netic effect” is clearly qualitatively linked to reduced preservation in bottom
environments that receive less OM input, have high O2, are well bioturbated,
and have lower sediment accumulation rates. However, the mechanisms pro-
ducing this effect are equally unknown as for the 15N enrichment of deep,
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Fig. 11 A Sub-euphotic zone δ15NO3
– vs. annual average δ15N for sinking particle sam-

pled by sediment trap. B Sub-euphotic zone δ15NO3
– vs. surface sediment δ15N. For both

panels, a 1 : 1 line as well as a horizontal dashed line representing the oceanic average
δ15NO3

– are shown for reference. Note the departure from the 1 : 1 line in panel B for sed-
iments with poor N preservation. Data sources other than those already cited are found
in [127–142]

suspended particles. While it may be tempting to assume that the diage-
netic increase in δ15N is constant downcore at any particular site, we have no
means so far to independently determine this.

Reliable and detailed δ15N paleo-reconstructions are thus, to date, restricted
to sediments with good to excellent preservation of OM with one import-
ant exception. In the polar Southern Ocean, sediments are typically rich in
biogenic opal consisting primarily of diatom frustule microfossils. Like all or-
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ganisms which produce biominerals, diatoms use organic templates to direct
their growth which are then permanently incorporated in the mineral matrix.
The organic template with a typically high protein content is relatively pro-
tected from diagenetic alteration after the organism’s death. Biogenic opal has
a number of advantages as a reservoir of protected OM in the sediments. It has
significantly lower density that theother major componentsof deep-sea marine
sediments, clays and calcites, such that it can be readily separated using dens-
ity centrifugations. Its chemical resistance permits the use of strong oxidants
such as hot perchloric acid for rigorous surface cleaning of extraneous OM. Sig-
man et al. [97] showed that lowered apparent N content from cleaned diatom
frustules corresponded to lower δ15N and a less “noisy” downcore record. As
discussed above past changes in δ15N in the Southern Ocean are most likely as-
sociated with changes in NO3

– drawdown by phytoplankton and results to date
indicate greater drawdown of near-surface NO3

– in the polar Southern Ocean
during the last glacial period [97, 103]. Recently it has been shown, though,
that the presence of atmospheric N2 “dissolved” in frustules may pose a con-
tamination artifact that would bias δ15N results [143], (Altabet unpublished).
Potentially other biominerals may be exploited as repositories of unaltered OM
for isotopic reconstruction and there has been continued effort to make use
of the preserved calcite tests of foraminifera [100] and coccoliths produced by
coccolithophorids.

Isolation of specific biomarker molecules from sediments for C and H
isotope analysis has proven very successful in both avoiding the effects of di-
agenesis and to isolate the source of the isotopic signature. In contrast, there
has been comparatively little progress in N-specific biomarker isotope analy-
sis. The reasons for this are both technical and phenomenological. N is found
in much lower abundance in molecules as compared to C and H requiring
much larger quantities to be extracted and purified. N-containing biomarker
molecules are also typically more polar and less volatile (e.g. peptides and
amino acids) making them more difficult to purify and separate using now
standard GC interfaces to isotope ratio mass spectrometers (IRMS). Extra
care in the GC-IRMS interface needs to be taken to ensure that N2 is the only
product of combustion (no N oxides) and that there is no contamination from
atmospheric leaks. Additionally, common N-containing biomarkers are not
specific; all organisms produce amino acids and nucleic acids. An import-
ant exception is chlorophyll and its derivatives (chlorins) which are produced
only by photosynthetic organisms and contain 4 N atoms per molecule. De-
spite the difficulties of off-line preparation of sufficient material for isotopic
analysis, δ15N chlorin data have been used to show that the relatively high
δ15N of Mediterranean low OM sediment sequences is largely due to diagene-
sis [104, 105]. Efforts to develop a GC-IRMS technique for these low volatility
molecules have to date not been successful. Neither have amino acid δ15N an-
alysis been applied to sediments, though their organic geochemistry in recent
sediments has been examined using δ13C [106].
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5.2
Reconstruction of Water Column Denitrification

The most successful application of downcore δ15N reconstruction has been in
identifying and understanding past changes in water column denitrification
on time scales from 102 to 106 years. Water column denitrification is region-
ally isolatable, produces large isotopic signals as shown above, and is strongly
coupled to past climate change. Suboxic intermediate waters overlying mar-
gin sediments with high OM input ensure both fidelity of the preserved δ15N
signal and the availability of cores with high accumulation rates for good to
excellent temporal resolution. In these sediments, N content is high enough
that only ten’s of mg of material are necessary for isotopic analysis. Re-
construction of other marine biogeochemical processes such as near-surface
nutrient utilization have been made, but instead of a broad review, we focus
here on denitrification for detailed illustration.

Detailed denitrification records based on sediment δ15N have been pub-
lished for the Arabian Sea [42, 107, 108] and the ETNP [109–111]. In the latter
case, sites along the western American margin are included since upwelled
waters are derived from the California Undercurrent which in turn carries
denitrification-influenced water northward from the ETNP. Current studies
now also include the Peru Margin (Higginson et al., submitted), the third of
the ocean’s major water column denitrification zones.

Variation in Arabian Sea denitrification occurs on a variety of climato-
logically relevant time scales. The longest record from the Owen Ridge off
Oman reaches back nearly 1 Myr from the present [42]. Variation is primar-
ily at the Milankovitch periods of Earth’ orbital variation (23, 41, and 100 kyr)
which are also found in the glacial cycles of Pleistocene climate. In general,
lower δ15N and denitrification is found during cold periods of glacial max-
ima. Nearby cores from the Oman Margin have 10-fold higher accumulation
rates and provide better temporal resolution (Fig. 12). A detailed study of the
last 60 kyr at centennial resolution reveals strong millennial variability during
MIS 3 (30 to 60 kyr BP), with transitions from low δ15N to δ15N maximum oc-
curring relatively abruptly, on the order of a few hundred years or less [108].
The pattern of variation over this period is remarkably similar to temperature
changes recorded in Greenland ice cores and known as Dansgaard–Oeschger
events after their discoverers (e.g. [112]). Again, cold events are associated
with δ15N minima and visa versa. It is apparent that broad-scale (perhaps
global), rapid climate is strongly coupled to Arabian Sea denitrification inten-
sity.

We can make use of nature’s “past experiments” to probe the causes of
changing denitrification intensity by analysis of synoptic proxies of relevant
processes. A leading hypothesis linking N. Hemisphere climate to Arabian Sea
denitrification is that climate change modulates the strength of the summer
South Asian monsoon and upwelling favorable winds off Oman. Correspond-
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ing oscillation in productivity influences subsurface suboxia and thus denitri-
fication intensity in the Arabian Sea. Consistent with this hypothesis, a site on
the nearby Owen Ridge has records for wind strength (sediment grain size)
and productivity (%N) which are positively correlated with δ 15N at the or-
bital periodicities. For the Oman Margin sites, further support is found in
positive relationships between δ15N, %N, and chlorin concentration.

The high accumulation rate of ODP site 723 (15 cm/kyr) and the low
material requirements for key analyses permit an extremely well-resolved ex-
ploration of the relationship between climate-linked ofCE

d denitrification and
its putative proximal forcings (Higginson et al., in pressTS

e GCA). A 20 cm

Fig. 12 Upper Panel. Comparison between Greenland ice core record of climate (ice δ18O
reflects local temperature) over the last 80 kyr and Arabian Sea denitrification (δ15N).
ODP Site 723B is located on the Oman Margin at about 800 m depth at the lower bound-
ary of the OMZ. MIS 3 is the period between 30 and 60 kyr before present and the
sub-millennial scale rapid D-O events are reflected in both records. Lower Panel. The
approximate 1 kyr period examined at very high temporal resolution through 2 mm sec-
tioning of the sediment core. This section corresponds to D-O event #11

CE
d Author: do you mean ’to’?

TS
e please update, if possible

Editor’s or typesetter’s annotations (will be removed before the final TEX run)
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section of ODP Site 723A corresponding to the D-O event #11 was sectioned
at 2 mm intervals to achieve decadal resolution (Fig. 12). δ15N results show
a very well-resolved transition over 100 to 200 years from little or no denitrifi-
cation during the cold-stadial period to near-maximal denitrification during
the warm, interstadial period. At the point of this transition, there is a sim-
ultaneous rise in productivity proxies; OM accumulation and Ba (Fig. 13).
Higher export productivity and therefore increased OM transport to the sed-
iments should result in higher sediment respiration as confirmed by reduced
CaCO3 preservation. For productivity to force denitrification, it must produce
suboxia in intermediate waters. Low O2 is known to increase V and Mo and
reduce Mn in sediments (e.g. [113]). These changes are also observed coinci-
dent with the increase in productivity and denitrification (Fig. 13). Other sed-

Fig. 13 Multi-proxy, very high resolution reconstruction of D-O event #11 from ODP Site
723B in the Arabian Sea. The increase in denitrification starting about 42 700 yrs bp is
accompanied by decreased oxygenation of the overlying water column (V/Al increases,
Mn/Al decreases) and increased productivity (increasing Ba/Al and TOM flux). Changing
Fe/Mg also marks changing terrestrial aridity in eolian dust source regions
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iment proxies can be exploited to probe the cause and effect linkages between
climate change and marine biogeochemical processes such as denitrification.
One example is dust-born proxies for terrestrial conditions transported by
winds to the study region. Here the Fe/Mg ratio varies such that the sta-
dial period of low Arabian Sea denitrification is also marked by more arid
conditions on nearby continental land masses. The strength of the S. Asian
monsoon may be modulated at these suborbital timescales by changes in land
cover and corresponding ability to absorb sunlight.

In sum, intermediate water suboxia and denitrification are regionally
forced by changes in southern Asia monsoon intensity. It is likely that pro-
ductivity and subsurface respiration are the linking processes. While re-
mote changes in water mass ventilation can be ruled out, coincident changes
in local ventilation of intermediate waters cannot, without studies of past
changes in the hydrography of these waters.

Studies in the ETNP have shown similar linkages between past-climate
change and denitrification with glacial periods marked by lowered levels. To
date there is no evidence of D-O event forcing as strong as observed in the
Arabian Sea. This observation is likely related to the greater potential for
remote forcing of ventilation in this eastern boundary current. It has been ar-
gued that coincidence with productivity proxies demonstrates local forcing
of suboxia and denitrification [109]. More recent work indicates significant
phase lags between the two [111]. It has also been argued that changes in the
proportion and ventilation of the source of intermediate water in the ETNP is
the major proximal control on ETNP intermediate water oxygenation [114].
One source is “old” equatorial underwater which is remotely ventilated in the
Southern Ocean. Another is Pacific Intermediate Water ventilated in the Sub-
arctic NW Pacific. If true, denitrification in the ETNP could be modulated
principally by high latitude processes as opposed to proximal subtropical pro-
cesses as in the Arabian Sea.

We have examined denitrification variations for nearly the last 2 Myr years
from ODP Site 1012 at the northern boundary of the ETNP (Fig. 14). The sig-
nificance of this portion of the latest Pleistocene is that it encompasses the
mid-Pleistocene transition from 41-kyr period dominance to 100-kyr dom-
inance in glacial/interglacial variations. The cause of this transition is the
subject of intensive research particularly since the 100 kyr period is the weak-
est with respect to solar forcing despite its dominance over the latest 0.5 Myr
(e.g. [115]). Our data show large variations in δ15N and denitrification through-
out this time period with no long-term trend. Spectral analysis demonstrates
the importance of the 100, 41, and 23 kyr periods over the last 0.6 Myr (Fig. 14
inset). However the earliest 0.6 Myr shows no significant 100 kyr periodicity
but a strong 41 kyr period along with a harmonic near double this period.
Clearly the climate-denitrification link extends to these Myr timescales.

The Peru Margin is the third and last of the major water column denitrifi-
cation regions to be subjected to paleoceanographic reconstruction. A priori
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Fig. 14 Denitrification record for the ETNP over the last 1.8 Myr. ODP site 1012 is lo-
cated on the southern California margin. Though this site is not properly within the
ETNP, a coastal undercurrent that is the source of upwelled waters carries NO3

– whose
isotopic composition is influenced by ETNP denitrification. The inset shows spectral an-
alysis results showing the change in major mode of variability from 41 to 100 kyr bp at
the mid-Pleistocene transition about 600 kyr ago

we may expect differences in climate response as compared to the Arabian
Sea and ETNP since this region is only one of the three located in the South-
ern Hemisphere. As elsewhere, margin sediments overlaid by low O2 present
the best targets due to excellent OM preservation and high accumulation.
As in the ETNP, laminations and banding are indicative of periods of suffi-
ciently low O2 to exclude bioturbating organisms and present the potential
for ultra-high temporal resolution studies. However, the Peru margin has pre-
sented a number of challenges for paleoceanographic research, the foremost
of which are (1) difficulties in dating and age model construction due to
paucity of foram tests preserved in the sediments and (2) the presence of hia-
tuses in most cores marked by phosphorite and/or course grain layers. We
have largely overcome these problems by employing for nearby Peru mar-
gin sites an innovative dating technique based on 14C dating of extracted
and purified algal biomarker compounds [116]. While no single core available
to us continuously spans the last 20 ka, the regional nature of the δ15N sig-
nal allows for overlapping sections to be correlated to produce a composite
δ15N record (Fig. 15). The chronology of the composite high-resolution δ15N



Isotopic Tracers of the Marine Nitrogen Cycle: Present and Past 33

Fig. 15 Comparison of δ15N records from the three major water column denitrification
zones covering the last 60 kyr. Note the relatively low δ15N values and absence of D-O
events for the Peru Margin record during MIS 3 (30 to 60 ka bp) and the early and sharp
rise during the early part of the last deglacial period (14 to 18 ka bp). The ice core record
for atmospheric CO2 is shown for [144]. The Mexican Margin data is from [109] and the
Oman Margin data is from [108]

record is verified by comparison with a low-temporal resolution record from
a low accumulation rate core from off margin with conventional dating based
on foraminiferal 14C and δ18O. We have extrapolated our chronology beyond
our last dated interval near 25 ka to give a 1st order view of MIS 3 (25 to 60 ka
before present).

Not surprisingly, large variations in δ15N and hence denitrification are ob-
served over the last 50 ka. As in the Arabian Sea and ETNP, upon deglaciation
there is a dramatic ramp up in denitrification. However, the history of Peru
denitrification departs from its northern hemisphere counterparts in several
striking respects. First, the deglacial peak in denitrification occurs very early
at between 15 and 16 ka, when most of the planet was still very much ex-
periencing glacial conditions. We suspect that this is the result of Southern
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Hemisphere forcing of intermediate water ventilation. An important source
for the intermediate waters of the Peru OMZ is Subantarctic Mode Water
(SAMW) which is formed in the Subantarctic section of the Southern Ocean
and a number a climate records from this and the polar region even further to
the south suggest early initiation of the deglacial sequence (e.g. [117]). Sec-
ond, MIS 3 (30 to 60 ka) shows overall low denitrification similar to LGM
levels except for modest maxima that may be related to Antarctic Climate
Events (ACE’s) as observed in Antarctic ice cores. This again is in contrast
to the Northern Hemisphere records which show near-Holocene values with
D-O event variability further supporting distinct Southern Hemisphere forc-
ing. Third, there is substantial late Holocene variability in denitrification with
excursions in δ15N almost as large as upon deglaciation occurring over cen-
turies or less. Of the three denitrification regions, Peru is most impacted by
ENSO (El Niño/La Niña) variability, and while individual ENSO events can-
not be observed at our temporal resolution, changes in the overall frequency
and amplitude would be. During El Niño, isopycnal surfaces are depressed
off Peru such that upwelling brings nutrient-poorer water to the surface with
lowered productivity and the OMZ resides more deeply. It would thus be ex-
pected that sinking particles would have reduced δ15N during El Niño events,
and the minima in the late Holocene record may correspond to periods where
these are more frequent and more intense.

5.3
A Composite Denitrification Record

With good to high quality δ15N records now available from each of the ma-
jor water column denitrification zones, a first attempt can be made to assess
the combined influence of these regions over the last 60 kyr. This is done by
first normalizing the variability in each record selected about its average value
and producing a 3-kyr smoothed composite of the three assuming each con-
tributes one third of total water column denitrification for the time period
considered. The result is found in Fig. 16 which shows low overall denitrifi-
cation in MIS 3 and the LGM, a rapid rise to high late deglaciation and early
Holocene values, and moderate levels during the mid- and late Holocene.
When compared to atmospheric CO2 as observed in ice cores, there are strik-
ing similarities including the 4 maxima of moderate intensity during MIS 3.
Importantly, the deglacial rise in denitrification leads CO2 by the approximate
residence time for combined N in the ocean. That is, if changing denitrifica-
tion is influencing atmospheric CO2, it would do so by changing the oceanic
N inventory with a lag on the order of its residence time of about 3 kyr.

The changes in water column denitrification described were proximally
forced by changes in the intensity and extent of OMZ’s. OMZ modulation
in turn was forced by changes in organic carbon flux and/or intermediate
water ventilation and there has been discussion in the literature of the sen-
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Fig. 16 Comparison of global CO2 record [144] and composite global water column deni-
trification record. (see text for details)

sitivities of these to climate change phenomenon. Another consequence of
OMZ modulation is likely change in oceanic N2O flux to the atmosphere. As
mentioned above, N2O is an intermediate in the denitrification pathway as
well as a by-product of nitrification. Its yield relative to NO3

– production
is negatively correlated with O2 concentration such that the highest oceanic
N2O concentrations are found in oceanic OMZ’s prior to the onset of den-
itrification [118]. It has been hypothesized that expansion/contraction of
oceanic OMZ’s would also correspond to changes in oceanic N2O flux to
the atmosphere. A correlation between atmospheric N2O as recorded in ice
cores and Arabian Sea denitrification has been cited as evidence [119]. N2O
also acts as a powerful greenhouse gas and would add to the proposed cli-
mate change effect from CO2 changes brought about by changes in oceanic N
inventory.

5.4
Toward Reconstruction of the Complete Oceanic N Budget

Sediment δ15N records from the three water column denitrification zones
have provided well-resolved histories for each of these regions. Though im-
portant, they still provide only an incomplete understanding of both past
changes in marine N cycle and its modern dynamics. A wish list in this
respect would include reconstruction of sedimentary denitrification, N2 fix-
ation, and average state of the marine N cycle.
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Unfortunately, it is unlikely that δ15N can be used to directly reconstruct
sediment denitrification. It leaves little or know isotopic imprint on oceanic
δ15NO3

– and it is widely distributed throughout all sediments with suboxic
layers, particularly along continental margins. There is also no evidence for
sedimentary denitrification influencing the δ15N of sedimentary organic N
which is the source for coupled nitrification–denitrification. Fortunately, in-
ability to reconstruct sedimentary denitrification does not eliminate any hope
of sufficiently complete marine N cycle reconstructions. Knowing water col-
umn denitrification, N2 fixation, as well as relative changes in N inventory
would be sufficient for this.

Any thorough reconstruction of the ocean’s N cycle, though, does require
assessment of any past changes in N2 fixation. Just as denitrification imparts
a regional “heavy” N isotopic signature to subsurface NO3

– and ultimately to
the underlying sediments, N2 fixation should impart a “light” isotopic sig-
nature to the sediments below. Above, we showed evidence for the modern
ocean of decreased δ15NO3

– which in turn influences the δ15N of sinking
particles. Unlike denitrification zones, N2 fixation is found principally in olig-
otrophic subtropical gyres where the underlying sediments typically have
poorly preserved OM as a result of low OM flux, great depth, and high bottom
water O2. Accordingly, sediment δ15N has been modified upward by diage-
nesis. While δ15N records of modest temporal resolution can be obtained in
regions such as the Sargasso Sea (Fig. 17), we have little confidence in assum-
ing the upward diagenetic shift has been constant over time. Nevertheless,
the lower δ15N values during the LGM suggest that N2 fixation did not de-
crease to compensate for reduced denitrification. In fact, the broad features in
this record are seen in a number of records from outside of both denitrifying
and HNLC zones suggesting that a global response is recorded instead of local
changes.

Fig. 17 Sediment δ15N records from two locations in the Sargasso Sea. Organic N is only
poorly preserved at these deep-sea, oligotrophic sites and δ15N values are shifted upward
by 4 to 6‰ from the primary signal. Nevertheless, the observation of lower glacial values
is indicative that N2 fixation in this region was not lower than at present



Isotopic Tracers of the Marine Nitrogen Cycle: Present and Past 37

There are a number of avenues to overcome the diagenetic problem in N2
fixation as well as other regions with poor sedimentary OM preservation. Just
as in the Southern Ocean diatom microfossils were exploited as reservoirs of
preserved OM [97], calcareous microfossils which are more abundant in N2
fixation regions may prove to have similar utility. Assessments of diagenetic
state independent of δ15N may be used to “correct” downcore δ15N data for
variations in diagenetic influence.

5.5
Oceanic Wide Changes in δ15N Revisited

Due to good OM preservation and not being located in either an HNLC nor
denitrification region, sediment records for δ15N from the South China Sea
have been cited as evidence for little change in ocean average δ15N over the
last glacial cycle [120]. This has led to the conclusion that either N2 fixation
changes compensated for any change in denitrification and/or there was no
change in the proportioning of denitrification between the sediment and the
water column [36]. However, subsequent work in this area has shown that sig-
nificant variations occurred in a nearby site and assigned them to possible
changes in water mass source due to sea level change [121]. Another approach
is to consider all available records from regions that are neither directly
influenced by water column denitrification nor are within HNLC regions re-
gardless of OM preservation to detect common trends (Table 1). While each
of these records could individually be questioned as to the influence of local
processes or diagenesis, in aggregate a consistent picture is apparent in which
there is a 2 to 3‰ increase in δ15N from the LGM to early Holocene and a sub-
sequent 1 to 2‰ decrease to the present. Qualitatively, this supports a global
oceanic impact from changes in water column denitrification; increasing (as
a fraction of N2 fixation) upon deglaciation with subsequent decrease per-
haps due to a “slow” feedback mechanism. If Fig. 10 is used to estimate the
magnitude of these changes, water column denitrification as a portion of the
total N flux varied by up to ±15% between the LGM and present. Alterna-
tively, N2 fixation could have decreased upon deglaciation but this scenario
is not supported by any of the water column denitrification records nor the
putative δ15N record from the Sargasso Sea (Fig. 17). These changes would
have resulted in significant variations in oceanic combined N inventory. For
example a 15% increase in denitrification relative to N2 fixation over 5 kyr
would decrease total ocean inventory by about 25%. Of course, this perspec-
tive assumes no insidious compensation by opposite and equal changes in
sedimentary denitrification. In fact, it has been argued that sedimentary den-
itrification would only have increased upon deglaciation and the increased
shelf sediment rise produced by sea level rise [27]. As discussed above, the
major parameters needed for near complete reconstruction of past variations
in the oceanic N budget are potentially obtainable.
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Table 1 Summary of δ15N(‰) changes at oceanic sites which are neither within HNLC
or denitrifying regions. Overall these results are indicative of change in global average
marine δ15N. Upper panel from sites with a relatively high sediment accumulation rate
(> 10 cm/kyr) and good N preservation. The bottom panel for sites with a low accumu-
lation rate (< 5 cm/kyr) and sufficiently poor N preservation that diagenetic effects are
apparent. Early to late Holocene refers to the period from approximately 10 ka b.p. to
present. LGM (last glacial maximum) to early Holocene refers to the period from 20 to
10 kyr b.p.

High-resolution, good N preservation sites Early to Late Holocene

Cariaco Basin ∗ – 3
S. China Sea [121] – 1
Gulf of Maine ∗ – 2
Delmarva Slope ∗ – 0.8
Carolina Slope ∗ – 2

Low-resolution, Early to Late Holocene LGM to Early Holocene
poor N preservation sites

Bermuda Rise + – 1 2.5
Bahama Outer Bank + – 1 3
Benguela [122] – 0.5 2
Arctic Ocean [123] – 1 3
N.W. Africa [124] – 1 3
W. Equatorial Pacific [125] – 1.5 3.5
Bering Sea [126] – 1.5 1.5

∗ Altabet unpublished data, + Fig. 17

6
Summary and Synthesis

The major microbial transformation pathways within the marine N cycle have
been well known for almost a century. Perception of a quasi-balanced bio-
geochemical system between sources and sinks was first made by Karl Brandt
in 1902. Within the last three decades, serious and credible efforts have been
made to quantify global ocean N fluxes and that with more detailed study
estimates have almost been steadily revised upward. Particularly important
were the respective discoveries of the importance of sedimentary denitrifi-
cation and the dominance of oceanic N2 fixation as a combined N source.
In the last decade and a half, advances have been made in the application
of geochemical tracers; objective analysis of NO3

– anomalies and applica-
tion of isotope natural abundance. It is not clear if there is modern balance
between sources (primarily N2 fixation) and losses (sedimentary and water
denitrification) but total throughput is on the order of 200 to 400 Tg/yr with
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a residence time for marine combined N < 3000 yrs. This is relatively short
compared to other major biogeochemical cycles such as for P or Si. The N
cycle is further distinguished by having the major source for combined N
within the ocean and all major fluxes controlled by biological transform-
ations. P and Si sources to the ocean, in contrast, are in primarily the form of
riverine fluxes. Paleoceanographic reconstructions have clearly demonstrated
large variations in water column denitrification coupled to climate change on
time scales from hundreds to millions of years. In particular, increasing den-
itrification across the last deglaciation likely caused a significant change in
the oceanic N inventory that in turn may have influenced atmospheric CO2
and N2O.

Important challenges remain in understanding the present past oceanic N
cycle. It appears surprising that anammox as a potentially important pathway
has only been recently recognized. Related problems include a reexamination
of the stoichiometry of NO3

– removal to N2 production in open ocean deni-
trification. Greater certainty in sedimentary denitrification may be achieved
by applying complementary geochemical approaches analogous to the appli-
cations made to N2 fixation and water column denitrification. Perhaps just as
important as establishing well-constrained flux estimates is achieving a real-
istic understanding of the controls and feedbacks within the oceanic N cycle
that in turn determine total inventory when in quasi-steady state and the
system’s capacity for imbalance and transition to perhaps other states. Such
mechanistic understanding must be based on further study in the modern of
the factors to which denitrification and N2 fixation are in reality most sensi-
tive as well as paleoceanographic reconstructions to determine which states
have been realized and their forcings.
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